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ABSTRACT

SILICON AND OXYGEN ISOTOPES IN DIATOM SILICA AS A PALEOENVIRONMENTAL PROXY FROM A PLIOCENE ANTARCTIC MARINE SEDIMENT
CORE

Tirzah Abbott, M.S.
Department of Geology and Environmental Geosciences
Northern Illinois University, 2016
Justin P. Dodd, Director
Coupled oxygen (δ18O) and silicon (δ30Si) isotope variations recorded in diatom silica
have been increasingly used to reconstruct paleoenvironments and biogeochemical cycling in
marine environments. Variations in δ18O values in diatom silica are used to reconstruct
oceanographic conditions such as water temperature and water mass mixing. Corresponding
δ30Si variation in diatom silica record silicic acid utilization by diatoms, which is related to
changes in primary productivity, global silicon cycling, and carbon cycle dynamics. Diatom
silica is a particularly significant paleoenvironmental proxy in high-latitude environments, such
as the Southern Ocean, where diatom blooms are abundant and there is a lack of carbonate
microfossils (i.e. foraminifera). An ideal location to employ δ18O and δ30Si as a
paleoceanographic proxy is in a ~80-m long Pliocene diatomite unit of the AND-1B marine
sediment core collected from beneath the Ross Ice Shelf in McMurdo Sound, Antarctica.
The results of this study demonstrate that δ18O values in diatom silica record early
diagenetic conditions and variations in pore water δ18O values. Calculated δ18O values of AND1B sediment pore water values are between -16 and -8‰, which is consistent with the δ18O
values of cryogenically formed brines associated with pore waters in the nearby AND-2A
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sediment core. Changes in the δ18O value of the diatom silica/pore water through time likely
reflect variability in subsurface brine input into McMurdo Sound during the Pliocene. The
diatom silica δ30Si values appear to be well correlated with variations in the LR04 benthic stack
δ18O values as well as reconstructed surface water temperatures based on diatom assemblages in
the same interval of AND-1B. The correlation between the δ30Si values and other global proxies
suggest the δ30Si values are less susceptible to diagenesis, and the large variations in δ30Si values
of ~1.6‰ are most likely the result of significant changes diatom productivity and surface water
nutrient utilization. Combined, the δ18O and δ30Si values in the diatom silica indicate that there
were significant variations in the paleoenvironment, diatom productivity, and cryogenic brine
formation in the Ross Sea during the Pliocene.
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CHAPTER 1
INTRODUCTION

1. Background and Introduction

Stable isotope geochemistry has been a useful chemostratigraphical tool in many
paleoclimatological studies. Oxygen and carbon isotope analyses of benthic foraminifera have
been extensively used as a proxy for global temperatures and marine productivity (e.g.
Schackelton and Opdyke, 1973; Lisiecki and Raymo, 2005). Stable isotope records from polar
regions, such as Antarctic marine sediments, are limited by the poor preservation of carbonate
material (e.g. Scopelliti et al., 2011). The polar regions have likely played a significant role in
the global carbon budget and nutrient cycling on geologic time scales; however, the lack of
carbonate preservation in marine sediment records at high latitudes has limited attempts to
expand the geographical resolution of the benthic marine carbonate record (Sarmiento and
Toggweiler, 1984; Elderfield and Rickaby, 2000; De La Rocha, 2006). Cold waters in zones of
upwelling and deep vertical mixing, such as the northwest/equatorial Pacific and the Southern
Ocean, are below the carbonate compensation temperature (Morse and Mackenzie, 1990) and
tend to be devoid of carbonate material and enriched in biogenic silica (diatoms, radiolarians,
silicoflagellates, and sponge spicules) (e.g. DeMaster, 1981). The Southern Ocean in particular
has the most pervasive region-scale biogenic opal deposition and preservation in the modern
ocean. High concentrations of diatoms in surface waters and the selective preservation of silica
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in the sediments make it nearly impossible to produce carbonate-based oxygen isotope records;
however, these regions are ideal for examining biogenic silica isotope proxies (DeMaster, 2003;
Nelson et al., 2002; Cortese et al., 2004).

Figure 1.1. The global distribution of siliceous marine sediments. High seasonal
accumulation of siliceous sediment occurs in the Southern Ocean. (MIT Darwin Project
http://darwinproject.mit.edu/)

Diatoms are photosynthetic phytoplankton that precipitate silicified cell walls (frustules) of
hydrated, amorphous silica (SiO2 • nH2O). They represent nearly 50% of primary productivity
globally and as much as 90% in the southern high-latitude regions (Nelson et al., 1995).
Oxygen and silicon isotope ratios in diatom frustules are increasingly used as marine
paleoenvironmental and paleoclimatic proxies (e.g. Juillet-Leclerc and Labeyrie 1987; Matheney
and Knauth 1989; Shemesh et al., 1992; Brandriss et al., 1998; Moschen et al., 2005; Mackay et
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al., 2008; Swann et al., 2008; Dodd and Sharp, 2010; Chapligin et al., 2012). Isotope ratios of
both oxygen (18O/16O) and silicon (30Si/28Si) are expressed using delta notation in permil (‰)
using the equation:
𝑅𝑅𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠 − 𝑅𝑅𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠
𝛿𝛿 = �
� × 1000
𝑅𝑅𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠

where R is the ratio of the heavy to light isotope (18O/16O; 30Si/28Si) in the sample compared to a
reference standard. Here δ18O values are reported relative to Vienna Mean Standard Ocean
Water (VSMOW), which is defined as δ18O = 0.0‰ (18O/16O = 00200521; e.g. Craig, 1961;
Gonfiantini, 1978). Similarly, δ30Si values are reported relative to the quartz sand standard NBS28, which is defined as δ30Si = 0.0‰ (30Si/28Si = 0.0341465; Ding et al., 2005). Isotope
fractionation refers to changes in the abundance of each isotope through equilibrium (e.g.
mineral phase transitions) and kinetic (e.g. evaporation of water) processes. For example, when
the silica precipitates from water (silicic acid), the abundance of oxygen and silicon isotopes in
the silica can be predicted theoretically by the thermodynamic relationship if the formation of
silica follows equilibrium fractionation. Additionally, the fractionation, or differential
incorporation of 18O and 16O, in a mineral phase (e.g. quartz) can be empirically determined at a
range of temperatures (e.g. Urey, 1947; O’Neil, 1986).
The fractionation factor (α) is defined as the ratio of the heavy to light isotope ratios (R)
in each phase, in this case silica and water:

𝛼𝛼𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠−𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤 =

𝑅𝑅𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠
𝛿𝛿𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠 + 1000
=
𝑅𝑅𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤
𝛿𝛿𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤 + 1000
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At high temperatures (e.g. >800°C), α approaches 1, and there is no fractionation between the
two phases (e.g. δ18Osilica = δ18Owater). At low temperatures, deviations from α=1indicate a higher
degree of fractionation (Urey, 1947; O’Neil, 1986). The fractionation factor is often represented
as 1000lnα, which is approximately the same as the difference (ε) between the two materials:
Δ 18𝑂𝑂 = 𝛿𝛿 18 𝑂𝑂𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠 − 𝛿𝛿 18 𝑂𝑂𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤 ≈ 1000ln𝛼𝛼𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠−𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤
The analysis of both oxygen and silicon isotope values from a single proxy material provides
a unique method to explore both water (climate) change and the ecological response (silicic acid
utilization). The focus of this chapter is to provide background on oxygen and silicon isotope
variations in diatom silica and establish the environmental implications of applying these proxies
in high-latitude marine sediment cores. In addition, this chapter outlines the methods for oxygen
and silicon isotope analyses in diatom silica.
2.

Diatom Isotope Fractionation and Environmental Signals

2.1 Oxygen Isotopes
Equilibrium oxygen isotope fractionation during silica formation is a function of temperature
and the oxygen isotope value of the formation waters. Silica frustules produced by diatoms have
a consistent offset of +20‰ to +30‰, indicating that the process of formation preferentially
incorporates 18O into the silica (e.g. Labeyrie and Juillet, 1982; Juillet-Leclerc and Labeyrie,
1987; Matheney and Knauth, 1989; Shemesh et al., 1992; Brandriss et al., 1998). This
concentration of the heavier isotope in the mineral phase is not unique to diatom silica.
Theoretical equilibrium fractionation dictates that this will be the case with most minerals
precipitating from a fluid phase (e.g. Sharp and Kirschner, 1994). Juillet-Leclerc and Labeyrie
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(1987) measured δ18O values of diatom silica from 18 marine core top sediments from
approximately 26°N to 54°S to calibrate the silica-water oxygen isotope fractionation factor
(1000lnα). Using a δ18O value of 0 ± 1‰ for marine waters, Juillet-Leclerc and Labeyrie (1987)
defined a relationship between 1000lnαsilica-water and sea surface (assumed formation) temperature
(T) as:
3

1000𝑙𝑙𝑙𝑙𝑙𝑙𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠−𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤 = 3.26 (10 �𝑇𝑇)2 + 0.45

(eq. 1)

The equation derived from the diatoms are in close agreement with the quartz-water

fractionation relationship for high-temperature quartz published by Epstein and Taylor (1966)
(Figure 1.2) and Sharp and Kirschner (1994).

Figure 1.2. The quartz-water fractionation relationship from Epstein and Taylor (1966; dashed
blacked line) and diatom silica-water fractionation from sedimentary diatoms by Juillet Leclerc
and Labeyrie (1987; red line).
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Equation 1 can be rearranged to calculate the temperature of diatom silica growth waters
using sedimentary diatom δ18Odiatom values along with the δ18Owater values (eq. 2).

𝑡𝑡 = 17.2 − 2.4(δ18 O𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑 − δ18 O𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤 − 40) − 0.2(δ18 O𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑 − δ18 O𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤𝑤 − 40)2

(eq. 2)

Shemesh et al. (1992) noted that this equation significantly overestimates temperatures
for diatom silica from high-latitude sites by approximately 20°C and proposed an alternate silicawater fractionation for high latitude regions based on a subset of the Juillet-Leclerc and Labeyrie
(1987) dataset. Later studies suggested that the unrealistic temperatures are possibly the result of
early diagenetic alteration of the diatom δ18O values (Schmidt et al., 1997; Dodd et al., in press).
Schmidt et al. (1997) compared the δ18O value of marine sedimentary and surface water
diatoms in the Southern Ocean, the North Atlantic, and the Norwegian-Greenland Sea and found
that fresh diatoms had δ18O values that were approximately 3-10‰ higher than sedimentary
diatom silica. Experimental studies have also demonstrated that diatom δ18O values can be
altered by several permil through dissolution, reprecipitation, and condensation of silica during
diagenesis (Prentice and Webb, 2016; Dodd et al., in press). Although there is a clear
relationship between 1000lnαsilica-water and temperature in cultured/living diatoms (e.g. Brandriss
et al., 1998; Dodd and Sharp, 2010), these relationships do not fall in line with the Juillet-Leclerc
and Labeyrie (1987) and Sharp and Kirschner (1994) silica-water fractionation relationship
(Figure 1.3). δ18O values from sedimentary diatoms, however, tend to fall on or close to the
silica-water fractionation relationship of Juillet-Leclerc and Labeyrie (1987) (e.g. Matheney and
Knauth, 1989). These results suggest that diatoms do not fractionate oxygen isotopes in
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equilibrium with surface waters along published quartz-water fractionation relationships (e.g.
kinetic fractionation) and are affected by diagenetic alteration and re-equilibrate with pore waters
following quartz-water equilibrium (Schmidt et al., 1997; Brandriss et al., 1998; Moschen et al.,
2005; Dodd and Sharp, 2010; Sharp et al., 2016).

Figure 1.3. 1000lnαsilica-water vs. temperature in ante-mortem diatoms. These data were recorded
by Dodd et al. (2012) (blue line), Moschen et al. (2005)(dark gray line), and Brandriss et al.
(1998)(light gray line). The fractionation relationship of fresh diatoms does not fall close to the
equilibrium silica–water fractionation factor of Sharp and Kirschner (1994)(green line) or JuilletLeclerc and Labeyrie (1987)(red line). Sedimentary diatom δ18O values (red dots) recorded by
Matheney and Knauth (1989) do, however, fall along the quartz-water equilibrium fractionation.

8
The cause of rapid post-mortem δ18O alteration in diatom silica has been attributed to the
loss of the exchangeable silanol groups (Si-OH) associated with the colloidal spheres of silica
that make up the frustule (Figure 1.4)(Dodd et al., in press). These Si-OH bonds make the
surface of the diatom frustules more reactive, allowing exchange of oxygen with any water the
frustule comes into contact with (Schmidt et al., 1997; Dodd et al., 2012; Dodd et al., in press).
When diatoms are incorporated into the sediment, the reactive silanols exchange with pore water
oxygen until more stable siloxane bonds are formed (Si-O-Si) (Schmidt et al., 1997; Moschen et
al., 2005; Dodd et al., in press). In addition, further silica maturation can occur as the colloidal
spheres making up the frustule partially dissolve, allowing secondary silica precipitation of
diatom silica to occur along the quartz-water fractionation relationship (Dodd et al., 2012).

The conversion of the Si-OH bonds to Si-O-Si bonds in diatom silica can be measured
via Fourier transform infrared spectroscopy (FTIR). FTIR uses the infrared region of the
electromagnetic spectrum to identify different bonds within a material based on the vibrational
modes emitted when the beam passes through different molecules of that material. The
vibrational movements (i.e., stretching and twisting) of different bonds display specific
frequencies characteristic of the molecular structure. The FTIR spectrum of biogenic silica
exhibit four distinct vibration bands, two of which represent SiO4 tetrahedrons (1100 cm-1 and
470cm-1) (e.g. Rice et al., 1995; Moschen et al., 2005). Medium-intensity bands at 945cm-1
correspond to stretching of Si-OH groups and a 800cm-1 vibration band is the inter-tetrahedral
Si-O-Si bending vibration modes. FTIR studies have demonstrated a significant decrease in SiOH bonds (945cm-1) and an increase in Si-O-Si (800cm-1) as the silica transitions from living to
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fossil diatoms (Figure 1.5) (Schmidt et al., 1997). Once all of the silanol bonds have been
converted to siloxane (Si-O-Si) bonds, the reactivity of the frustule decreases significantly (e.g.
Rickert et al., 2002).

Figure 1.4. Schematic of a colloidal sphere of amorphous hydrated silica analogous to diatom
silica. The structure has inner tetrahedrally bonded silica and an outer hydrous layer. Diatom
silica has associated Si-OH bonds during growth (a) that convert to more stable Si-O-Si bonds
upon incorporation into the sediment (b). Figure modified from Leng and Baker (2006).
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Figure 1.5. Fourier transform infrared spectroscopy (FTIR) of living to fossil diatom silica. The
peaks at 945cm-1 and about 800cm-1 represent changes in the number of vicinal silanol bonds
(Si-OH) as they are being converted to Si-O-Si bonds during silica maturation. Adapted from
Moschen et al. (2005).

2.2 The Silicon Cycle and Silicon Isotopes
Dissolved silicon (DSi) in the form of silicic acid (Si(OH)4) represents a critical nutrient for
all marine organisms producing biogenic silica shells (i.e. sponge spicules, diatom frustules,
radiolarians, and silicoflagellates). The marine silicon cycle is one of the best examples of how
utilization of nutrients by marine organisms can affect the concentration and distribution of
elements in marine waters on a global scale (De La Rocha et al., 2011). Removal of DSi by
siliceous organisms in sea water has dropped global marine DSi concentrations by two orders of
magnitude in the past 600 Ma (Siever, 1991; De La Rocha, 2006). Diatoms are the largest group
of SiO2 precipitating organisms in marine surface waters and are responsible for large variations
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in the silicon cycle over time. Diatoms first appeared in the late Cretaceous and rapidly expanded
throughout the global ocean to dominate the Cenozoic marine silicon cycle (e.g. Siever, 1991).
By the Eocene, the average global marine concentration of silicic acid had dropped from about
1000 µM to the modern concentration of 70 µM (Figure 1.6; Tréguer et al., 1995).

Figure 1.6. Marine dissolved silicon concentrations. Diatoms appeared in the late Cretaceous
and now control the silicon cycle. This radiation of diatoms caused a huge drop in aqueous silicic
acid to concentrations of ~ 70 µM.

The availability and concentration of Si(OH)4 in ocean surface waters is critical for diatom
frustule formation (DeMaster, 2003). During biomineralization in the surface waters, diatoms
preferentially take up silicic acid with a higher concentration of the lighter 28Si isotope over 30Si
(De La Rocha et al., 1997; Leng and Swann, 2010). The utility of δ30Si as a paleoenviromental
proxy differs from oxygen in that the calculated diatom silicon isotope enrichment factor (-1.1‰
to -1.9‰) occurs independent of temperature (De La Rocha et al., 1997; De La Rocha et al.,
2000). This is, in part, because it is metabolically easier for diatoms to use the 28Si from the
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silicic acid molecule and, therefore, kinetic fractionation is the dominant control on δ30Si values
(Milligan et al., 2004). Laboratory experiments have also found that silicon fractionation is
independent of interspecies effects and variations in partial pressure of CO2 (pCO2) (Milligan et
al., 2004; Varela et al., 2004). De La Rocha et al. (1997) found that diatoms fractionate silicon
isotopes along a Rayleigh distillation relationship in a closed system experiment (Figure 1.7).
Because diatoms discriminate against the heavier isotope (30Si), the silica will concentrate the
28

Si and the residual DSi in surface waters will be enriched in 30Si during periods of high

productivity (De La Rocha et al., 1997). Continued biomineralization of diatom frustules result
in successive enrichment in 30Si and higher δ30Si values. This implies that, with a known starting
δ30Si value, higher δ30Si values indicate increased silicic acid utilization in surface waters. For
this reason, measurements of δ30Si can provide information on the availability and rate of silicic
acid utilization in surface waters, which is then related to the global silicon cycle and ecological
response to other oceanic and climatic parameters (De La Rocha et al., 1997; De La Rocha et al.,
1998).
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Figure 1.7. Rayleigh distillation of Si isotopes during diatom biomineralization. This study done
with a dissolved silicon reservoir of finite size showed that, as concentrations of dissolved silicon
decrease, the δ30Si of the diatom silica increase (dashed line). Parallel to this line (offset by ε = 1.1) is the δ30Si of the silica precipitating at any given time (solid gray line) which also increases
with the decrease in dissolved silica. The δ30Si of all the opal produced from the dissolved silicon
reservoir (e.g. silica accumulation on the ocean floor) also increases as dissolved silicon
concentrations drop but only to the initial δ30Si value. Figure modified from De La Rocha et al.
(1997).
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The silicon cycle is intrinsically linked to the carbon cycle due to the export of carbon by
diatoms to the deep ocean. Therefore, δ30Si variations in diatom silica can be used to reconstruct
primary productivity and nutrient utilization in the Southern Ocean. This is crucial in
understanding the ~90 ppm drop in atmospheric CO2 between glacial and interglacial periods
(Knox and McElroy, 1984; Sarmiento and Toggweiler, 1984; Siegenthaler and Wenk, 1984; De
La Rocha, 2006). δ30Si recorded in diatoms may provide insight into the role of the biological
carbon pump in changes in atmospheric CO2 concentrations over geologic timescales (Brzezinski
et al., 2002; Matsumoto et al., 2002; Dugdale et al., 2004).
δ30Si values recorded in diatoms have also been useful in indicating periods of
warming/cooling in surface waters during glacial-interglacial cycles. δ30Si values in Southern
Ocean diatoms decrease during glacial times south of Antarctic Polar Front (De La Rocha et al.,
1998). In addition, lower biogenic silica accumulation rates were seen in these areas relative to
interglacial periods (François et al., 1997; Frank et al., 2000). The E50-11 core from the Indian
Sector of the Southern Ocean recorded the lowest δ30Si values 20,000 years ago, when
continental and polar ice sheets reached a maximum extent (Figure 1.8; De La Rocha et al.,
1998). The highest δ30Si values recorded are at the top of the core (Holocene) during present
interglacial conditions (De La Rocha et al., 1998; Brzezinski et al., 2002). Low δ30Si values
during glacial times provide evidence for low dissolved silicon utilization and primary
productivity, along with decreased export of organic carbon (François et al., 1997; Frank et al.,
2000). The shift from low to high values (approximately 0.6‰ NBS-28) also indicates a change
in silicic acid utilization from the last glacial maximum to the Holocene.
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Figure 1.8. δ30Si of diatom silica in the E50-11 core from the Indian Sector of the Southern
Ocean. The lowest values recorded occur during the peak of the last glacial maximum (LGM)
that occurred 20,000 years ago. Figure modified from De La Rocha et al. (1998).

The decrease in diatom silica δ30Si values during glacial periods is attributed to a
physiological response of diatoms to the alleviation of iron stress and the preferential utilization
of other micronutrients (e.g. NO3-) over silicic acid (Beucher et al., 2007). Alleviating Fe stress
increases the rate of photosynthesis and allows diatoms to increase uptake of N while decreasing
the uptake of silicon during silicification (Franck et al., 2000). These changes in the utilization of
nutrients by diatoms in the Southern Ocean led to the “silicic acid leakage hypothesis” (Nozaki
and Yamamoto, 2001; Brzezinski et al., 2002; Matsumoto et al., 2002), which suggests that a
decline in the Si(OH)4: NO3- ratio of marine surface waters during glacial periods creates a pool
of unused Si(OH)4 in Southern Ocean waters that can be transported to lower latitudes (Nozaki
and Yamamoto, 2001; Brzezinski et al., 2002; Matsumoto et al., 2002). This is achieved by
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carrying extra silicic acid in surface waters northward by subantarctic Ekman drift that becomes
incorporated into subantarctic mode waters (SAMW) (Figure 1.9; Brzezinski et al., 2002). An
increase in silicic acid in low-latitude surface waters will promote the growth of diatoms over
carbonate producing algae (e.g. coccolithophores), which can significantly increase low-latitude
drawdown of atmospheric CO2 (Rickaby et al., 2007; Matsumoto and Sarmiento, 2008;
Brzezinski et al., 2002). Many studies have shown an inverse correlation between δ30Sidiatom and
δ15Ndiatom values of Southern Ocean diatoms, suggesting that low δ30Sidiatom values can be used to
identify silicic acid leakage and global scale changes in the marine silicon cycle (Brzezinski et
al., 2002; Beucher et al., 2007).
The early Pliocene (3-5Ma) represents a potentially analogous period for modern
atmospheric CO2 (>350 ppm). Complete deglaciation of the West Antarctic Ice Sheet (WAIS)
has the potential to raise sea level by 3 to 5 m (Mercer, 1978; Pagani et al., 2009), yet the
response of the ocean circulation and marine productivity to a reduction or total collapse of the
WIAS is poorly understood (e.g. Scherer et al., 1998; Naish et al., 2007; Barnes and Hillenbrand,
2010; Purkey and Johnson, 2013; Joughin et al., 2014). Diatom δ18O and δ30Si values from
sediment cores in the near Antarctic margin during the Pliocene warm period could help
elucidate the effect of WAIS collapse on Antarctic marine water and nutrient cycling dynamics.
δ18O and δ30Si values of diatom silica from Pliocene sediments have the potential to provide an
analog for Antarctic bottom water and surface water dynamics and may provide a baseline by
which to model future changes associated with future warming.
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Figure 1.9. The distribution of silicic acid in surface waters during interglacial and glacial
periods. Diatoms will deplete surface waters in dissolved silicon during interglacial blooms,
which will reduce the amount of dissolved silicon being transported to lower latitudes. Alleviated
iron stress during glacial periods shifts the uptake of Si to N by diatoms to create body mass,
changing the Si:N ratios recorded in diatoms. This allows the remaining pool of Si(OH)4 to be
transported by SAMW to lower latitudes, causing a shift from other primary producers to
diatoms. Figure modified from Hansen (2007).

3. Antarctic Drilling Project (AND-1B)
The ANDRILL (ANtarctic Geological DRILLing) recovered 1285m of Neogene sediment
beneath the McMurdo Ice Shelf (MIS) in the Ross Sea near Ross Island (Figure 1.10). A drill
core (AND-1B) was collected just east of Hut Point Peninsula, Ross Island Antarctica, in a
flexural moat created by the volcanic loading of Ross Island (Horgan et al., 2005; Naish et al.,
2006). The AND-1B core provides the most complete Antarctic record of sedimentation and
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orbital-scale climatic fluctuations through the Cenozoic (Naish et al., 2009). There are 13
discrete diatomite units in AND-1B, the largest of which is ~76 m thick and spans ~200,000
years of the Pliocene warm period (Scherer et al., 2007; Naish et al., 2009; Wilson et al, 2010;
Konfirst et al., 2011). Diatomite units have been interpreted as a record of open water conditions,
high phytoplankton productivity, and the pole-ward retreat of ice sheets and sea ice in the Ross
Sea region (Naish et al., 2009; Winter et al., 2010).
The chronology of the AND-1B core is based on diatom biostratigraphy and magnetic
polarity reversal stratigraphy that constrains the age of the diatomite interval to the Early to MidPliocene from approximately 4.66 to 3.44 Ma (Naish et al., 2007; Winter et al., 2012). Konfirst
et al. (2011) further enhanced the age model by comparing fluctuations in a diatom index
(relative abundances of cold and warm water diatom species) with climatic variations inferred
from the global benthic stack δ18O record (Lisiecki and Raymo, 2005). The diatomite is
separated by debris deposits that represent stratigraphic and temporal unconformities (Figure
1.11) (Konfirst et al., 2011). Additionally, distinct changes in stratigraphy are also characterized
by changes in diatom assemblages (Winter et al., 2010). For these reasons, Konfirst et al. (2011)
separated the interval into four subunits based on the placement of unconformities and gaps in
the age model.
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Figure 1.10. Map of McMurdo Sound, Antarctica. The AND-1B (black star) and the AND-2A
(yellow circle) were collected in McMurdo Sound, Antarctica, just west of the McMurdo Dry
Valleys and south of Ross Island.
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Figure 1.11. Detailed stratigraphic column of AND-1B Pliocene diatomite. This interval is
approximately 80 m long and spans the early to mid-Pliocene of the AND-1B drill core. The
interval was divided into four subunits by Konfirst et al. (2011) based on gaps in the age model.
The age gaps between Subunits I and II and II and III are marked by unconformities and
lithological changes from diatomites to volcanic breccia.

The biostratigraphical changes between unconformities provide insight into the climatic
changes during the early to mid-Pliocene. The interval between 459 and 455 mbsf (Subunit I)
contains Thalassiothrix antarctica, which is associated with cold water masses in productive
upwelling regions (Marlow et al., 2000; Winter et al., 2010; Konfirst et al., 2011). This short
interval shows a gradual transition from warm to cold conditions and increased sedimentation
rate due to the potential onset of a glaciation (Konfirst et al., 2011). The basal section of Subunit
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III remained cool following a glacial interval but showed increased warming up to the base of
Subunit III (Winter et al., 2010; Konfirst et al., 2011). The basal section of Subunit III (437.00427.50 mbsf) marks the most significant cold excursion throughout the interval (Konfirst et al.,
2011). During this time, sea-ice-associated species occur in greater abundance than all other
subunits, indicating that sea ice covered the AND-1B location (Winter et al., 2010). Later
warming in Subunit III at the base of Subunit IV, when ice-associated diatoms species started to
increase, indicates a more proximal glacial setting (Winter et al., 2010; Konfirst et al., 2011).
3.1 McMurdo Sound Brine Formation
High-salinity (50 to 150 PSU) subsurface brines have been found to occur in shield areas of
glaciated regions in Canada, Finland, and Germany as a result of seawater incursions (Starinsky
and Katz, 2003; Frank et al., 2010). Subsurface brines associated with glacial landscapes are
common in polar regions and can form as a result of seawater freezing or evaporating. These two
pathways of brine formation can be identified by comparing Na/Cl and Br/Cl ratios in residual
fluids (Herut et al., 1990; Starinsy and Katz, 2003; Stotler et al., 2012). The removal of H2O
through freezing processes continually decrease in Na/Cl due to the crystallization of mirabilite
(Na2SO4 • 10H2O) followed by hydrohalite (NaCl • 2H2O) from the residual fluid (Herut et al.,
1990). Mirabilite forms rapidly during sea ice freezing at temperatures ranging from -1.8 to20.6°C, depleting the brine in Na and SO4 (Butler et al., 2016). The precipitation of mirabilite, a
Cl-free mineral, drives this decrease in Na with little to no change in the Cl concentration (Figure
1.12). The Na/Cl ratio does not decrease as rapidly during evaporation because halite (NaCl) is
the first, and often only, mineral precipitated from the residual fluid, following a very linear
relationship (Herut et al., 1990).
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Oxygen isotopes fractionate during phase transitions, such as water to vapor or water to ice
(Hesse and Harrison, 1981; Stotler et al., 2012). During evaporation of seawater, 16O is
preferentially removed in the vapor phase, leaving the residual water with a high δ18O (Craig and
Gordon, 1965). During ice formation, 18O is incorporated into the ice, leaving the residual fluid
with substantially lower δ18O values (Zhang and Frape, 2003; Stotler et al., 2012). Additionally,
precipitation of mirabilite will also decrease the δ18O value of residual fluid (Starinsky and Katz,
2003; Frank et al., 2010; Stotler et al., 2012). This mechanism of brine formation can occur
during the freezing of sea ice and the growth of permafrost in the subsurface (Stotler et al.,
2012).
Pore waters recovered from the AND-1B core show the presence of saline fluids close to
seawater Na/Cl vs. Br/Cl ratios, as well as ratios following the cryogenically formed brine
pathway (Figure 1.12). Pore waters recovered from the AND-2A drill core, approximately 50 km
west of AND-1B, are also enriched in hyper-saline fluids (Frank et al., 2010). The Na/Cl and
Br/Cl ratios of the AND-2A brines follow the freezing pathway with δ18O water values that
decreased from about -2‰ at the sediment surface and level off at homogenized values of
approximately -11‰ below approximately 100 mbsf for the remainder of the core. The Na/Cl
and Br/Cl show that the deeper fluid is composed of cryogenically formed brines, whereas fluid
closer to the sediment water interface is mixed or around seawater concentrations (Frank et al.,
2010). Pore water δ18O data for the AND-1B core are not available; therefore, utilizing the AND2A δ18O pore water values provides the best information on McMurdo Sound pore waters.
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Figure 1.12. Oxygen isotopes in AND-2A and AND-1B cryogenic brines with Na/Cl vs Br/Cl
ratios. (a) δ18O of cryogenically formed brines in the AND-2A sediment core by Frank et al.
(2010). Saline fluids that represent mixing with seawater are highlighted in red while deep
cryogenic brines are highlighted in yellow. (b) The Na/Cl-Br/Cl relationship for various brines
from Herut et al. (1990) shows the freezing and evaporation paths of brine formation from
modern seawater. The black circles represent evaporative brines from Mississippi and Israel;
open circles = Canadian Shield brines. Also shown are brines from Pori, Finland (closed
triangle), and brines from Lake Bonney, Antarctica (open square). The AND-1B (blue circles)
pore water brines start close to seawater and follow the Na/Cl pathway of cryogenically formed
brines (Pompilio et al., 2007). The brines from the AND-2A (red circles) show this same pattern
with a mixing relationship between seawater Na/Cl ratios from 9.79 to 116.22 mbsf (yellow
circle) but fall along the freezing pathway for the remainder of the core (155.76 – 963.49 mbsf).

Cryogenic brines in McMurdo Sound may be the result of sea ice forming in the surface
waters (e.g. Frank et al., 2010). This process alone, however, is unlikely to produce the basinscale brine formation. Additionally, the δ18O values of the pore fluids in the AND-2A core below
100m remain constant around approximately -11 +/- 1‰. A potential source of subsurface
brines at the basin scale is terrestrial brine formation in the saline lakes in the McMurdo Dry
Valleys (MDV). Saline lakes in the MDV form through both increased evaporation and
extremely cold temperatures (avg. annual air temperature between -30 and -14°C; e.g. Herut et
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al., 1990; Doran et al., 2002). Lake Vanda and Lake Bonney in the MDV both formed as a result
of mixing fresh meltwater with evaporative salts deposits from previous seawater incursions
(Figure 1.13; Matsubaya et al., 1979). The lakes became stratified with dense, dissolved solids in
the bottom waters and freshwater on the surface, which froze shortly after formation (Matsubaya
et al., 1979). Bottom water brines from Lake Bonney fall along the cryogenic brine pathway as
defined by Na/Cl and Br/Cl ratios (Herut et al., 1990; Matsubaya et al., 1979). Cryogenic brines
can also result from the formation of permafrost and through paleo-methane hydrate formation
(Stotler et al., 2012). Saline lakes in the Taylor Valley are connected by a shallow surface
groundwater system that flows basin-ward through subglacial soils to McMurdo Sound (Mikucki
et al., 2015). When considered together, terrestrial processes that result in cryogenic brine
formation are a likely candidate for the large volume of subsurface cryogenic brines necessary to
produce the volume of brine observed in the sediments of McMurdo Sound.
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Figure 1.13. The McMurdo Dry Valleys, Victoria Land, Antarctica. Some of the largest of
these lakes include Lake Vida, Lake Vanda, and Lake Bonney.

4. Aim of Study
The goal of this study is to investigate the variations in both δ18O and δ30Si values recorded
by diatom silica from the early to mid-Pliocene interval of the AND-1B core from McMurdo
Sound, Antarctica. The diatoms isolated from this interval show evidence of diagenetic alteration
and potential re-equilibration with subsurface sediments based on FTIR analyses. This leads to
the hypothesis that the diatom silica has been affected by the cryogenically formed brines present
in McMurdo Sound sediments. Diatom δ18O values appear to represent re-equilibrium of the
diatom silica with pore water brines, but δ30Si values are not as susceptible to diagenesis and
record changes in primary productivity and silicic acid utilization during diatom growth in the
surface waters.
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5. Methods
Oxygen and silicon isotope analyses require pure biogenic silica free of other sediments and
contamination (e.g. clays and silica polymorphs) to obtain accurate δ18O and δ30Si values (e.g.
Morley et al., 2004; Leng and Sloane, 2008). A series of chemical cleaning methods are used to
attain this goal. First, organic matter was removed using 30% H2O2 at room temperature for 1-2
days with an additional 4 hr at 60°C. Once the reaction was complete, a 12 hr rinse in HCl (5%)
was used to remove carbonate minerals. Residual organic material is removed with a final
treatment in ~40 % HNO3. Sedimentary diatoms were physically separated by wet sieving at
100, 50, and 25 µm. This is done to isolate as many single frustules as possible, leaving the
residual clay fragments in the lower size fractions. Heavy liquid separation with sodium
polytungstate (SPT) at a density of 2.3 sg was used to separate frustules from detrital sediments
in each size fraction. After the first round of SPT, the samples were sonicated in deionized water
for 45 minutes and separated with SPT a second time. This last SPT separation and sonication
step is crucial in order to remove clay minerals stuck in diatom pore spaces (e.g. Chapligin et al.,
2012). Purity assessments were made using X-ray diffraction (XRD) and scanning electron
microscopy (SEM) once the clean diatom fraction was obtained.
Diatoms have a high water content (~ 20-30% of the oxygen in frustules) which must be
removed to obtain accurate δ18O measurements of the inner structure (Labeyrie and Juillet, 1982;
Leng and Sloane, 2008). Diatom δ18O and δ30Si analyses were conducted with the step-wise
fluorination (SWF) – CO2 laser heating described by Dodd and Sharp (2010) and Sharp (1990) in
the stable isotope lab at Northern Illinois University (Figure 1.14). Approximately 3 mg quartz
standards were loaded in a nickel holder and dehydrated in vacuo in the laser chamber (>48h)
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followed by step-wise increases of ~10 kPa of BrF5 gas to remove hydroxyls prior to isotope
analyses (e.g. Haimson and Knauth, 1983; Dodd and Sharp, 2010). Initial studies suggested that
BrF5 would result in isotopic fractionation of the silica; however, an inter-laboratory comparison
between F2 and BrF5 prefluorination techniques showed no significant differences in oxygen and
silicon isotope values produced by the two techniques (Chapligin et al., 2011; Maier et al., 2013).
Prefluorination was considered complete when the δ18Osilica values of internal diatom standards
SR2–1B (δ18O = 32.2 ± 0.2‰, n = 35) and VT-8C (δ18O = +28.6 ± 0.2‰, n = 24) reached a
plateau with a reproducibility of ± 0.3‰ between subsequent pre-fluorination steps (Dodd and
Sharp, 2010). The inter-laboratory standard PS1772-8 (δ18O = 42.8 ± 0.2‰; δ30Si = +1.3 ± 0.11)
provided an additional check for reproducibility of isotope values (Chapligin et al., 2011; Maier
et al., 2013). Diatom samples were heated with a Photon Machines Fusions 10.6 CO2 laser in the
presence of ~10 kPa of BrF5 to generate O2 and SiF4 gas (e.g. Dodd and Sharp, 2010; Maier et
al., 2013). Oxygen was transferred cryogenically by adsorption on a zeolite trap at –196°C, while
SiF4 was retained in cold traps also cooled in liquid nitrogen (Figure 1.14). The O2 gas was then
sent to a Thermo MAT253 isotope ratio mass spectrometer in dual-inlet mode for analyses. δ18O
values are reported in VSMOW and calibrated to international quartz standard NBS-28 (δ18O =
+9.6 ± 0.3‰; n=15). The laser line was then evacuated to vacuum and the cold trap with the SiF4
warmed to –116°C using liquid nitrogen-ethanol slurry to liberate the SiF4 and separate it from
BrF5 and BrF3 that remain frozen (Maier et al., 2013). SiF4 was trapped cryogenically with liquid
nitrogen and sealed in an evacuated Pyrex tube with zinc shavings to neutralize any
contaminants. The sealed Pyrex tubes of SiF4 were saved and inlet in the IRMS via dual-inlet
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system for δ30Si analyses. δ30Si values are reported relative to NBS-28 (δ30Si = 0.034 ± 0.2 ‰;
n=5).

Figure 1.14. Laser fluorination line at Northern Illinois University.
Laser fluorination procedures outlined in Dodd and Sharp (2010) and Sharp (1990) were
used for δ18O and δ30Si analyses. About 3 mg of pure diatom silica, an in-house diatom standard
(SR2-1B), an in-house quartz sand standard, and IAEA NBS-28 quartz standard were loaded into
a nickel sample holder and evacuated under vacuum in the laser chamber to dehydrate samples
for multiple days (>48hrs). Samples were then prefluorinated with bromine pentafluoride (BrF5)
to remove hydroxyl oxygen and surface bound water. Once hydroxyls were removed, the
samples were heated with a CO2 laser in the presence of BrF5 to produce SiF4 and O2 gas. The O2
gas was collected cryogenically in a zeolite trap submerged in a liquid-nitrogen cold bath The O2
gas in the zeolites was then heated and transferred via dual-inlet mode to a Thermo MAT 253
isotope ratio mass spectrometer for analysis.

29

CHAPTER 2
CRYOGENIC BRINE FORMATION IN THE ROSS SEA RECORDED BY DIATOM
SILICA OXYGEN ISOTOPE VALUES FROM A PLIOCENE MARINE SEDIMENT
CORE

1. Introduction
The benthic foraminifera oxygen isotope record from low-latitude marine sediment cores has
provided insight into global-scale climatic variations on glacial-interglacial timescales spanning
the entire Cenozoic (Zachos et al., 2001), but specifically over the past 5.2 Ma (Lisiecki and
Raymo, 2005). Relying on biogenic carbonate materials is problematic in high-latitude
environments, such as the Southern Ocean, due to the dissolution and poor preservation of
biogenic carbonates in cold Antarctic waters and sediments (DeMaster, 2003; Cortese et al.,
2004). The carbonate compensation depth (CCD), the depth at which conditions (e.g. pH,
temperature, and pressure) are such that carbonate dissolves, becomes shallower at high latitudes
due to lower water temperatures at shallower depths than at lower latitudes. The high
accumulation rates of diatom silica in Southern Ocean sediments make diatom silica an ideal
paleoenvironmental proxy, and developing records of variations in diatom δ18O values could
provide much-needed information to aid our understanding of the response of high-latitude
regions to global-scale climatic variations. Here we present diatom δ18O values from McMurdo
Sound, Antarctica, with two main goals: 1) to explore the utility of diatom δ18O values as a
paleoenvironmental proxy in the Southern Ocean and 2) to assess paleoceanographic changes in
the Ross Sea during the Pliocene.
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Diatom Purification
2.1 Visual Purification Assessment
The visual purification assessments using SEM showed that the cleaned sediment contained
mainly diatoms and diatom fragments (Figure 2.1). The most common contaminants were other
biogenic silica fragments (sponge spicules and silicoflagellates) that were difficult to remove
since they are similar in size and mass to the diatom silica; however, non-diatom biogenic silica
was in low abundance (<5%). All biogenic silica has high δ18O values, compared to other silicate
minerals such as tephra and clay, and even the presence of several percent non-biogenic silica is
unlikely to significantly affect the measured diatomδ18O values.

Figure 2.1. Scanning electron microscope images of AND-1B diatom samples. Images of
samples showing mostly diatom fragments. Contaminants include other siliceous microfossils
such as silicoflagellates (red circle in b) and sponge spicules (red circle in d) (representative
SEM images for all samples are included in the Appendix Figure A.1).
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2.2. XRD and FTIR Assessment
X-ray diffraction (XRD) was used to identify mineral phases present in the purified diatom
samples (Appendix Figure A.2.). Biogenic silica displays a broad peak between approximately
20-30 degrees 2θ (Williams and Crerar, 1984). All AND-1B samples in this study show a clear
biogenic silica curve. Samples that displayed well-defined peaks at about 27 degrees 2θ were
primarily contaminated with illite clay and were treated with additional sonication and heavy
liquid separations to remove illite and other clay contaminants. XRD analyses also concluded the
absence of opal-CT (the metastable phase of diagenetically altered biogenic silica). The presence
of opal-CT in a sample would display a peak at ~30 degrees 2θ (Williams and Crerar, 1984).
These assessments along with visual purification assessments show that at least 95% purity of
the diatom frustules was achieved in all samples used for δ18O analyses (Figure 2.2).

Figure 2.2. X-ray diffraction results for AND-1B samples. Sample included from (a) 454.55
mbsf, (b) 451.48 mbsf, and (c) 445.74 mbsf. Intense peaks at about 27 degrees 2θ are indicative
of contamination (illite clay) present in the sample.
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2.3 Frontier Transmission Infrared Spectroscopy Results
The FTIR results show that the diatom silica in the Pliocene interval of the AND-1B core has
completely lost all hydroxyl groups associated with the frustule (Figure 2.3) because of the lack
of a Si-OH peak that would be seen at 945cm-1 (Appendix Table A.3.). This indicates that the
diatom silica is relatively stable as it is no longer exchanging with surrounding pore waters. A
large Si-O-Si peak indicates potential secondary silica precipitation.

Figure 2.3. Average FTIR spectrum results for AND-1B diatom silica. The AND-1B Pliocene
diatoms showing low Si-OH bond abundance and high Si-O-Si bond abundance.
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2. Oxygen Isotope Results
The δ18O values measured in diatom samples from the Pliocene diatomite interval in AND1B ranged from +28 and +36‰ VSMOW (Figure 2.4; Appendix Table A.1). δ18O values were
corrected using the international quartz standard NBS-28 (9.57‰, n=18) and an in-house quartz
sand standard (18.16‰, n=20). Variability in the δ18O values can be seen in deviations from an
average value of +32.1‰ down-core. Large low-value excursions occur between 424.84 and
428.77 mbsf (+28.1 to +29.6‰) and at 414.85 mbsf (+30.5‰). The highest values were
observed farther down-core at 445.26 mbsf (36.9‰) and 442.06 mbsf (35.6‰).

Figure 2.4. Measured δ18Odiatom values with calculated SST and δ18Owater values. (a) δ18Odiatom
values measured in diatomites from the AND-1B Pliocene interval (individual sample error is
less than +/- 0.3‰). (b) Sea surface temperatures calculated using the silica-water fractionation
relationship determined for marine diatoms by Juillet-Leclerc and Labeyrie (1987). (c) δ18Owater
values calculated using from 0 to 10 °C where the dark blue line represents δ18Owater values at
5°C. Gray section indicates average deep subsurface brine values of -10 to -11‰ (VSMOW).
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4. Discussion
The range of δ18O values from the AND-1B sediments (Figure 2.4) are on the low end of
published δ18O values from Southern Ocean diatom silica (+32‰ to +43‰; e.g. Juillet-Leclerc
and Labeyrie 1987; Shemesh et al., 1992; Berg et al., 2010; Pike et al., 2013). Anomalously low
δ18O values in diatom silica could be the result of contamination from other siliciclastic minerals
(e.g. clay and tephra) or opal-CT formation (Brewer et al., 2007; Mackay et al., 2011; Chapligin
et al., 2012;). Unpurified, bulk samples can have δ18O values that are several permil lower than
purified diatoms (Chapligin et al., 2012). It is possible that some interstitial clay minerals were
not removed; however, XRD and SEM purity checks indicate that purified samples contained
<1% non-biogenic opal-A, indicating that the low δ18O values are not likely the result of
contamination.
Using the silica-water fractionation relationship for marine diatoms (eq. 2) and δ18O water
values of ~0‰ produced sea surface temperatures of 18 to 24°C (Juillet-Leclerc and Labeyrie,
1987), which are unrealistically high for Ross Sea surface waters, even during the warm Pliocene
environment. Diatom assemblage analyses suggest that SST during the Pliocene in the Ross Sea
ranged between 3 and 5°C (Winter et al., 2010). Using a broad range of temperatures from 0 to
10°C and the measured diatom δ18O values, the calculated water δ18O values range from -7 to
-16‰ (ave. δ18Owater = -11.7‰). δ18O water values this low would only be possible if a
continuous and significant influx of freshwater/glacial meltwater to the Ross Sea (Berg et al.,
2010; Pike et al, 2013). The lowest calculated δ18O water values (-16‰ to -13‰) coincide with a
period of cold-water diatom species (Winter et al., 2010; Konfirst et al., 2011); therefore, it is
plausible that advancing sea ice resulted in an increased flux of fresh meltwater with low δ18O
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values. However, modern-analog ice-margin environments in the Arctic Ocean (e.g. Beaufort,
Kara, and Laptev Seas) demonstrate that surface water δ18O values in the range of -16‰
coincide with sea surface salinities of <5% (e.g. Bauch et al., 2010), which is much too low for
the range of salinities predicted by diatom species variations in the Pliocene Ross Sea sediments
(e.g. Winter et al., 2010).
An alternative hypothesis to explain the low δ18Owater values calculated from the AND-1B
diatom silica is diagenetic alteration and re-equilibration with pore waters. This means that the
diatom silica δ18O values are affectively recording pore water δ18O values, not sea surface water
values. Although there are limited pore water data available from the AND-1B core, these δ18O
water values are consistent with pore water values in the AND-2A core, which is located
approximately 50 km west of the AND-1B core (Figure 2.4c.; Frank et al., 2010). The calculated
δ18O water values for the AND-1B core are consistent with the δ18O values (avg. -11‰) of
hyper-saline pore water in the AND-2A core. The AND-2A pore water values range from -2‰ to
-10‰ in the top 100 m of sediment and stabilize at about -11‰ from 100 – 500 mbsf (Figure
1.12; Frank et al., 2010).
Pore waters from the AND-2A and the AND-1B core are consistent with brine formed
through cryogenic processes (Pompilio et al., 2007; Frank et al., 2010). As saline water freezes,
dissolved ions are rejected from the pure H2O ice, creating dense residual brines that will sink to
the sea floor and/or into the sediment. Cryogenically formed brines have reduced Na/Cl ratios
relative to brines formed through evaporation only. Additionally, during evaporation, H216O is
preferentially removed, leaving the reservoir enriched in 18O; therefore, more positive δ18O
values are common in highly evaporative waters (Craig and Gordon, 1965). In contrast, a
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fractionation between ice and water (up to 4‰) creates residual brines slightly enriched in 16O,
which is further enriched by the precipitation of the mineral mirabilite (Na2SO4•10H2O), thus
producing anomalously low δ18O values (Stewart, 1974). Cryogenic brines formed through the
freezing of sea ice and terrestrial environments, such as hyper-saline lakes in the McMurdo Dry
Valleys, could contribute to the low δ18O values seen in AND-2A and AND-1B pore waters.
At present, the McMurdo Dry Valleys host many large, hyper-saline lakes that produce
brines through freezing and evaporative processes (Herut et al., 1990). These saline lakes formed
due to incursions of seawater onto the continent, causing fjord-like conditions of the McMurdo
Dry Valleys during warm periods in the early Pliocene (Elston and Bressler, 1981; Mikucki and
Priscu, 2007). As seawater receded, isolated pools of saline waters and evaporate minerals were
left behind and mixed with glacial meltwater to form saline lakes (Matsubaya et al., 1979; Elston
and Bressler, 1981). The size and chemistry of the lakes changes through time depending on ice
cover and responses to climate (Mikucki et al., 2015). Dense brines are formed through both
evaporation and freezing processes in these lakes and saturate subsurface sediments (Toner et al.,
2013). The subsurface fluids of the McMurdo Dry Valleys consist of saturated soils with dense
permafrost approximately 1 m below the surface (Mikucki et al., 2015). The Dry Valley Drilling
Project (DVDP) measured pore waters salinities >2x that of seawater in the DVDP 10 borehole
near McMurdo Sound, suggesting that the groundwater is concentrated in hyper-saline fluids
(Cartwright and Harris, 1981). The high salinity of the groundwater allows these brines to remain
a fluid at temperatures as low as -10 to -4°C (Cartwright and Harris, 1981). Airborne transient
electromagnetic (AEM) sensory data used to measure resistivity (Ωm) of Taylor Valley shows
that subglacial sediments are saturated in hyper-saline fluids (low resistivity = high concentration
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of dissolved solutes) (Figure 2.5; Mikucki et al., 2015). These data indicate that the Taylor
Valley has up to 1.5 km3 of subglacial brine-saturated sediments that are connected up to 18 km
inland and feed into McMurdo Sound (Figure 2.5; Mikucki et al., 2015). Terrestrially sourced
brines can therefore influence McMurdo Sound pore water through groundwater infiltration
subsurface flow.
a

b.

c.

Figure 2.5. McMurdo Dry Valleys ground water flow. (a) Map of the Taylor Valley in the
McMurdo Dry Valleys focusing on the study area for AEM by Mikucki et al. (2015). (b)
Schematic of the connectivity of subsurface brines between Lake Bonney, Lake Hoare, and Lake
Fryxell feeding into McMurdo Sound. (c) Resistivity of subsurface fluids though the Taylor
Valley. Low resistivity (dark blue) indicates sediments saturated in brines (Mikucki et al., 2015).
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δ18O values of the McMurdo Dry Valley lakes range from -40‰ to -10‰, depending on the
physical parameters of the lake such as location, humidity, glacial meltwater mixing, surface
water ice/open water conditions. Additionally, the δ18O values of lake water varied significantly
not only between lakes but also between surface ice values, lake water values, and groundwater
values (Table 2.1; Matsubaya et al., 1979). Mixing of lake surface waters with glacial meltwaters
that have low δ18O values can drive the surface water δ18O lower. Dense evaporatively formed
brines can concentrate in lake-bottom waters and tend to have higher δ18O values due to the lack
of vertical mixing (Matsubaya et al., 1979). Groundwater influenced by these brines can then be
altered by paleo-permafrost formation and rock-water interactions while following basin-ward
into McMurdo Sound (Matsubaya et al., 1979; Herut et al., 1990). The Taylor Valley alone
contains up to 1.5km3 of subglacial brines from saline lakes that flow directly into McMurdo
Sound pore waters (Mikucki et al., 2015). Brines with low δ18O values that are eventually
incorporated into McMurdo Sound sediments from terrestrial reservoirs will ultimately be the
result of many different evolutionary pathways and multiple generations of brine formation.
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Table 2.1. Isotope data of McMurdo Dry Valley Lakes. Waters from McMurdo Dry Valley
lakes, lake ice, and groundwater δ18O values from Matsubaya et al. (1979).
Sample
Locality

Sample Type

Average
δ18O (‰
VSMOW)

Lake Vanda
Lake water
Groundwater

-31.11
-27.83

East Lobe
West Lobe

-40.14
-41.09

Surface ice
Lake water

-26.47
-31.18

Surface ice
Lake water
Groundwater

-14.27
-13.72
-17.80

Lake Bonney

Lake Fryxell

Don Juan Pond

The calculated δ18Owater values from diatoms in the AND-1B core and deep pore water δ18O
values measured in the AND-2A core both fluctuate around a baseline value of approximately
-11‰ (VSMOW). This suggests that McMurdo Sound subsurface pore fluids are composed of
connate brines that record variable brine inputs through time. During the warm early Pliocene,
when sea level was higher and the Dry Valleys were likely inundated with marine water (e.g.
fjords), the onset of colder periods (e.g. the large decrease at 426.24 mbsf) could have influenced
the formation of sea ice and/ or increased transport of cryogenic brines to McMurdo Sound.
Variations in the calculated δ18Owater values down core can, therefore, be interpreted as variations
in the production of cryogenic brines and/or flux of brines to the subsurface. Lower δ18O water
values (i.e., 424.84 mbsf; δ18O = 29.5‰) indicate periods of increased brine formation/input and
reduced mixing with seawater in shallow pore waters between 0 and 120 mbsf (Figure 2.6). The
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δ18O values in diatom silica deposited in these sediments will re-equilibrate with the shallow
pore water brines, recording δ18O values that are less than the modern pore water value of
approximately -11‰.

.
Figure 2.6. δ18O and δ30Si cycling schematic of McMurdo Sound. Oxygen isotope variations
(blue) in pore waters are affected by different sources. Brines formed through sea ice formation
and in the McMurdo Dry Valleys saline lakes are both introduced to shallow pore waters (0 to
100 mbsf) where they mix with seawater. Diatom silica oxygen isotopes will equilibrate with
these shallow pore waters and record the value of past brine mixing in shallow subsurface
sediments. The silicon cycle (red) receives a source of silicic acid from terrestrial inputs and
through upwelling. Diatoms will fractionate dissolved silicon from surface waters, leaving a pool
of Si(OH)4 depleted in 30Si. Diatoms deposited in McMurdo Sound will not undergo diagenetic
alteration as the dissolved silicon saturating pore waters are the result of diatom frustule
dissolution.
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5. Conclusion
Uncharacteristically low δ18Odiatom and calculated δ18Owater recorded in biogenic silica from
high-latitude environments have been interpreted as being the result of clay contamination or the
influence of glacial meltwater within diatom growth waters (Shemesh et al., 1992; Chapligin et
al., 2012; Pike et al., 2013). Calculated δ18Owater values from low δ18O in diatoms from the early
to mid-Pliocene interval of the AND-1B core suggest that there has been re-equilibration of the
silica with sedimentary cryogenic brines. The calculated δ18Owater values from the δ18O values in
the AND-1B core are consistent with pore water brine values in the AND-2A core taken
approximately 50 km west of AND-1B. The modern deep, homogenized brine value of
approximately -11‰ at depths below ~100 mbsf has overwritten changes in the δ18Owater of the
brines through time. However, the variability in brine δ18O in the shallow sediments may have
been recorded by the δ18O values of the diatom silica. The influx of subsurface brines from the
McMurdo Dry Valleys’ saline lakes and/or through an increase of cryogenically formed brines is
the most likely source of these brines. Because diatom silica re-equilibrates with the pore waters
rapidly (~10’s of years) and becomes relatively stable, the δ18Owater calculated using diatom δ18O
records variations in δ18O values of shallow brine (0 to 100 mbsf) formation that experiences
high variation due to mixing through time. These results have significant implications for
reconstructing and predicting Antarctic bottom-water inputs and formation along with ocean
circulation.
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CHAPTER 3
SILICON ISOTOPE VARIATIONS IN DIATOM SILICA AS A PROXY FOR SILICIC
ACID UTILIZATION IN THE ROSS SEA, ANTARCTICA

1. Introduction
Silicon isotope values recorded in diatom silica have the potential to provide a robust proxy
to reconstruct paleoclimate, biogeochemical cycling of marine nutrients, and ecological changes
in marine surface waters. The utilization of this proxy is especially important in the Southern
Ocean, where diatomaceous ooze makes up a majority of the sedimentary record. Water
circulation dynamics in the Southern Ocean are a major control in the distribution of dissolved
silicon, in the form silicic acid (Si(OH)4), and therefore the isotopic composition of marine
waters on a global scale. Dissolved silicon utilized by diatoms in Southern Ocean surface waters
can be seen in variations in δ30Si in sedimentary diatoms. Large relative decreases in δ30Si of
diatoms have been recorded during glacial conditions, whereas high values are recorded during
times of warming; however, there are many caveats associated with δ30Si in diatoms as a discrete
paleoclimate proxy (De La Rocha et al., 1998). In order to constrain the utilization of this proxy,
δ30Si variations measured in a well-documented Pliocene diatom interval of the AND-1B core
taken in McMurdo Sound, Antarctica, were compared to other climate records. These data show
that shifts in δ30Si through the early to mid-Pliocene correspond to changes in the LR04 benthic
stack δ18O values along with a diatom index from AND-1B sediments (Konfirst et al., 2011).
These analogs further demonstrate the applicability of δ30Si measured in diatoms as a tool for
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reconstructing silicic acid utilization and primary productivity in Southern Ocean marine
sediments.
2. Results
The δ30Si values measured in pure diatom samples from Subunit III (see Figure 1.11) of the
Pliocene diatomite in the AND-1B core ranged from 0.47‰ to 2.02‰ (NBS-28), with an
average value of 1.05‰. Large excursions between 3.60 and 3.57 Ma and around 3.61 Ma
demonstrate the variability of δ30Si values in this system (Figure 3.1). The age of the samples in
this interval were acquired though an age model defined by Konfirst et al. (2011) that compared
variations in cold- and warm-water diatom species with the LR04 benthic stack δ18O values
(Lisiecki and Raymo, 2005). The larger peaks and troughs in δ30Si between 3.60 and 3.57 Ma
and around 3.61 Ma correspond with the beginning of a cool period seen in the Konfirst et al.
(2011) diatom index and the LR04 benthic stack δ18O values. The low δ30Si values between 3.59
and 3.58 Ma correspond with high δ18O values indicative of cooler conditions in the benthic
stack δ18O values while the higher δ30Si corresponding with low δ18O values at approximately
3.57 mark a period of increased warming.
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Figure 3.1. Silicon isotope results from the AND-1B core compared to other climate records. (a)
δ30Si values in Subunit III of the AND-1B core Pliocene diatomite compared to (b) Konfirst et
al. (2011) diatom index and (c) the LR04 benthic stack δ18O values (Lisiecki and Raymo, 2005).

3. Discussion
δ30Si values during this interval of the AND-1B core record dramatic variability in the source
of dissolved silica and/or utilization of surface water silicic acid during the Pliocene warm
period. The total range of ~ 1.6‰ represents a large shift from low values at 3.59 Ma to high
values at 3.57 Ma. This transition from low to high δ30Si values is similar to increases in δ30Si
values during a warming period recorded by Southern Ocean diatoms following the last glacial
maximum (~20 ky); however, in that case the δ30Si values only changed by approximately 0.6‰
(De La Rocha et al., 1998). Large shifts in δ30Si diatom values have been used to reconstruct
changes in sea surface silicic acid utilization by diatoms and, therefore, changes in the transport
of dissolved silicon in global marine surface waters (see Figure 2.6; Brzezinski et al., 2002;
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Hendry and Brzezinski, 2014). Changes in Southern Ocean silicic acid utilization and supply
during colder periods have been attributed to changes in nutrient preferences during diatom
growth and changes in ocean circulation patterns and deep-water convection (Brzezinski et al.,
2001; Hendry and Brzezinski, 2014). During interglacial periods the Southern Ocean experiences
extreme Fe deficiencies, which result in high silicic acid utilization by diatoms and a large
reservoir of unused nutrients (i.e. NO3) (Brzezinski et al., 2002). Antarctic ice cores record high
Fe dust inputs during glacial intervals and suggest that Fe inputs to the marine system may also
be elevated during glacial periods. The increased Fe availability likely results in the consumption
of unused NO3, which effectively decreased silicic acid utilization by diatoms (Martin, 1990;
Brzezinski et al., 2002). Low Si:N ratios in diatoms during cooling periods, such as the
Pleistocene glaciation, and an inverse relationship between δ30Si and δ15N support these
hypotheses (Brzezinski et al., 2002). Reduced silicic acid utilization provided silicic acid to
lower latitudes and appears to result in a shift of the dominant low-latitude primary producers
from coccolithophores to diatoms (Figure 1.9).
The large decrease in δ30Sidiatom at ~3.59 Ma in the AND-1B diatomite coincides with an
increase in benthic stack δ18O values (Lisiecki and Raymo, 2005). This period of cooling during
the Pliocene is later followed by changes in diatom assemblages to colder species (Konfirst et al.,
2011). Cooling indicated by lower δ30Sidiatom precedes evidence of cooling in both the benthic
stack δ18O values and diatom assemblages by approximately 10 ky. This trend indicates that
changes in the silicon cycling controlled by diatoms may be extremely sensitive to changes in
SST and may respond more quickly than changes in diatoms assemblages and low latitude
marine benthic stack δ18O values. Although the offset between the δ30Si values and the benthic

46
stack δ18O values could represent uncertainty in the age model provided by Konfirst et al.
(2011), the δ30Si values and diatom assemblage data are from the same sediment samples. The
benthic stack δ18O values represent climatic global temperature variations, but the sample
locations are restricted to low latitudes (<55° latitude) and likely do not record high-resolution
Antarctic climate variations (Lisiecki and Raymo, 2005). The residence time of dissolved silicon
in surface waters ranges from 10 ky to 15 ky. The large variations in the AND-1B δ30Sidiatom
suggest that these data may provide an ideal climate proxy for glacial-interglacial nutrient
cycling, especially in areas like Antarctica which experiences large and often rapid climate
variations that can affect climate on a global scale (Tréguer et al., 1995).
4. Conclusion
Although the δ30Si values reported here are constrained to diatom Subunit III, there are clear
similarities between the variations seen in the δ30Sidiatom, the Konfirst et al. (2011) diatom index,
and the benthic stack δ18O values. The decrease in δ30Sidiatom precedes cooling indicated by the
Konfirst et al. (2011) diatom index and the benthic stack δ18O values by about 10 ky, indicating
that δ30Sidiatom may be more sensitive to changes in Antarctic climate dynamics. Changes in the
uptake of silicon by diatoms in the Southern Ocean have been linked to global-scale changes in
primary productivity and the silicic acid leakage hypothesis (Beucher et al., 2007). These
changes in silicic acid utilization and uptake by diatoms is seen in the large variations between
colder (3.59 Ma) and warmer (3.57 Ma) periods. The comparison of these data to other climate
proxy data and climate records show that δ30Si recorded in diatom silica has the potential to be a
robust proxy for glacial/interglacial cycling, marine biochemical cycling, and ecological changes
in diatom communities.
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CHAPTER 4
SUMMARY AND CONCLUSIONS

This study indicates that oxygen isotope variations provide valuable information on
bottom-water dynamics through the Pliocene in the Southern Ocean. Low δ18Odiatom values
recorded in Southern Ocean sediments have been interpreted as the result of increased glacial
meltwater flux to marine surface waters (Berg et al., 2010; Pike et al., 2013); however, the
δ18Odiatom recorded in the Pliocene interval of the AND-1B core are consistently on the lower end
of the average range of Southern Ocean diatoms and appear to record re-equilibration of δ18O
values with brine in sedimentary pore waters. Previous studies have suggested that diatom silica
may undergo diagenetic alteration and secondary silica precipitation in quartz-water equilibrium
with pore waters in marine sediments, indicating that the diatom silica is not recording surface
water conditions (Schmidt et al., 1997; Dodd et al., 2012). The drastic decreases in δ18Owater
values through the interval correspond with colder periods reflected in the Konfirst et al. (2012)
diatom index and the benthic stack δ18O values (Figure 4.1). Although there are obvious
similarities between the AND-1B δ18O values, the Konfirst et al. (2012) diatom index, and
benthic stack δ18O values, the timing of brine formation and transport is difficult to constrain.
Lower δ18O values during (following) colder periods corroborate the idea that the AND-1B
diatoms are recording pulses of cryogenic brines (with low δ18O values) into the off-shore
marine sediment pore waters. Comparing the AND-1B δ18Odiatom values with pore water δ18O
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values recorded in the AND-2A core shows that the diatom silica is most likely re-equilibrating
with subsurface brines in McMurdo Sound and provides a novel approach to understanding
subsurface brine formation and input through time.
The down-core variations in δ30Sidiatom of Subunit III show a large low excursion between
3.59-3.57 Ma (0.47‰) and a high excursion at approximately 3.57 Ma (2.0 ‰). These
excursions are indicative of a transition from a colder (lower δ30Si) to warmer (higher δ30Si) SST
in Pliocene McMurdo Sound surface waters. These variations in primary productivity and silicic
acid utilization during the Pliocene also correspond with climatic variations seen in the Konfirst
et al. (2012) diatom index and global SST recorded by the benthic stack δ18O values (Lisiecki
and Raymo, 2005). These data support the idea that δ30Sidiatom values have not been subjected to
diagenetic alteration and reflect Southern Ocean surface water dynamics during the Pliocene
warm period. In addition, the drastic decrease in δ30Sidiatom values and relatively high abundance
of diatom silica deposition between 3.59-3.57 Ma suggest that diatoms preferentially increased
the utilization of other nutrients, creating an excess pool of dissolved Si to be transported to
lower latitudes following the silicic acid leakage hypothesis (Brzezinski et al., 2002; Hendry and
Brzezinski, 2014).
The results of coupled δ18O and δ30Si in this diatomite unit of the AND-1B sediment core
show that stable isotope analyses of diatom silica provide a dynamic proxy for both bottom and
surface waters during the Pliocene in McMurdo Sound. The unique approach of using δ18O
diatom values as a proxy for McMurdo Sound pore waters has the potential to elucidate
terrestrial brine formation and transport, as well as transition to connate pore waters caused by
climatic and glacial changes through time. These findings are further supported by the

Figure 4.1. δ30Si and δ18O values recorded in diatom silica from Subunit III
compared to benthic stack δ18O values and diatom index. The δ30Si (red line) and
δ18O (orange line) values recorded in diatom silica from Subunit III of the early
to mid-Pliocene interval of the AND-1B core correspond with variations in the
Konfirst et al. (2011) diatom index and the LR04 benthic stack δ18O values
(Lisiecki and Raymo, 2005). The most distinct similarities are highlighted in
gray.
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preservation of surface water conditions by δ30Sidiatom and the comparison of these data to other

well-established global climate records.
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Table A.1. Oxygen and silicon isotope data. δ18O data from the early to mid-Pliocene interval of
the AND-1B sediment core with corresponding ages using the age model in Konfirst et al.,
(2011). Temperatures between 0 and 10°C were calculated using the sedimentary diatom silicawater fractionation relationship of Juillet Leclerc and Labeyrie (1987). δ30Si values recorded for
Subunit III.
Konfirst
et al.
(2011)
Subunit

IV

III

Depth
(mbsf)

390.83
392.66
394.76
396.83
398.84
400.84
402.62
404.83
406.86
408.72
410.62
413.33
414.85
416.86
418.79
420.79
422.86
424.84
426.24
428.77
430.77
432.77
434.74
436.76
438.77

Age
(Ma)
3.45
3.46
3.47
3.49
3.5
3.51
3.52
3.53
3.53
3.53
3.54
3.55
3.55
3.56
3.56
3.57
3.57
3.58
3.58
3.59
3.6
3.61
3.61
3.62
3.62

δ30Sidiatoms
(‰ NBS28)
--------1.04
1.4
2.02
0.91
0.63
0.47
1.3
1.03
1.15
1.02
1.09
0.9
0.57
0.78

δ18Odiatoms
(‰
VSMOW)
33.42
33.75
33.75
30.35
30.65
33.29
33.63
31.71
32.9
31.53
31.76
30.74
29.48
32.21
31.88
32.75
32.46
29.46
28.06
29.64
32.63
29.93
32.19
32.68
32.59

Std
Dev

--------------------------

δ18Owater (‰ VSMOW)
0 °C

5 °C

10 °C

-11.63
-11.29
-11.3
-14.69
-14.39
-11.76
-11.42
-13.94
-12.14
-13.51
-13.29
-14.31
-15.56
-12.84
-13.17
-12.3
-12.58
-15.58
-16.98
-15.4
-12.42
-15.12
-12.89
-12.37
-12.46

-10.43
-10.09
-10.1
-13.5
-13.2
-10.56
-10.22
-12.74
-10.95
-12.32
-12.09
-13.11
-14.37
-11.64
-11.93
-11.1
-11.38
-14.39
-15.79
-14.21
-11.22
-13.92
-11.66
-11.17
-11.26

-9.07
-8.73
-8.74
-12.13
-11.83
-9.2
-8.86
-11.38
-9.58
-10.95
-10.73
-11.75
-13
-10.28
-10.61
-9.74
-10.02
-13.02
-14.42
-12.84
-9.86
-12.56
-10.3
-9.81
-9.9
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Konfirst
et al.
(2011)
Subunit

II

I

Depth
(mbsf)

440.77
442.06
442.8
444.54
445.26
445.4
446.67
447.45
447.67
448.47
448.73
450.55
450.72
451.94
452.66
454.74
455.66
456.66
458.7

Age
(Ma)

4.36
4.38
4.39
4.4
4.41
4.41
4.43
4.44
4.44
4.45
4.45
4.47
4.47
4.48
4.49
4.51
4.65
4.66
4.67

δ30Sidiatoms
(‰ NBS28)
--------------------

δ18Odiatoms
(‰
VSMOW)

Std
Dev

32.07
34.27
33.92
33.2
35.51
31.93
33.82
31.07
31.87
31.95
32.64
33.15
32.27
31.55
32.19
32.42

0.27
0.77
--1.26
---0.85
------1.67

32.26

----

31.7
33.24

δ18Owater (‰ VSMOW)
0 °C

5 °C

10 °C

-12.98
-10.78
-11.13
-11.85
-9.54
-13.12
-11.23
-13.98
-13.18
-13.1
-12.41
-11.9
-12.78
-13.5
-12.86
-12.65
-12.79
-13.34
-11.81

-11.78
-9.58
-9.93
-10.65
-8.34
-11.92
-10.03
-12.78
-11.98
-11.9
-11.21
-10.7
-11.58
-12.3
-11.66
-11.43
-11.59
-12.15
-10.61

-10.42
-8.22
-8.57
-9.29
-6.95
-10.56
-8.67
-11.42
-10.62
-10.54
-9.85
-9.34
-10.22
-10.94
-10.3
-10.07
-10.23
-10.78
-9.25
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Figure A.1. Scanning electron microscope images of samples used in isotope analyses in
Pliocene diatomite of AND-1B sediment core. Continued on following pages.
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Figure A.1 Continued
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Figure A.1 Continued
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Figure A.1 Continued
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Figure A.1 Continued
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Figure A.1 Continued
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Figure A.2. X-ray diffraction data for a subset of the AND-1B diatom samples.
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Table A.2. Fourier Transmission Infrared Spectroscopy Data. Data are for a subset of AND-1B
samples in meters below sea floor (mbsf).
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